ABSTRACT: Swath bathymetry data from the glacier-fed northern Svalbard margin reveal geomorphological details of a large submarine landslide, the Hinlope-Yermak Landslide. Multiple planar escarpments have several hundreds of meters of relief, with a maximum headwall height exceeding 1400 m at the mouth of the Hinlopen cross-shelf Trough. Within the slide-scar area, this landslide created a rugose seabed geomorphology, with little mass-transport deposition in the immediate vicinity of major escarpments. Beyond a pronounced constriction, occurrence of semitransparent acoustic units on seismic profiles indicates that mass-transport deposits are likely the accumulation of remolded and/or fluidized debris flows that are in places hundreds of meters thick. The surface expression of the masstransport deposits is hummocky with flow structures, arcuate pressure ridges, and rafted blocks. Smaller debris lobes close to landslide sidewalls are the result of secondary, marginal failures. At the outer rim of extensive mass-transport deposits, numerous rafted blocks rise from the semitransparent sediment unit, and tower hundreds of meters above the surrounding debris. Maximum remobilized volume from the slide-scar area, estimated from pre-landslide bathymetric reconstruction, is approximately 1350 km 3 . Headwall heights, the ratio of excavated volume and slide scar area, and the height of rafted blocks are large, compared to other landslides documented on siliciclastic margins.
INTRODUCTION
The advent of swath-bathymetry and side-scan sonar mapping techniques in combination with high-resolution seismic surveying have greatly improved existing knowledge of the interplay between sedimentary and erosional processes in shaping continental margins. These techniques reveal an abundance of submarine landslides features, from subtle seabed cracks to escarpments several hundreds of meters high, and a diversity of mass-transport deposits, such as debris-flow deposits, rafted blocks, and slumps (Embley and Jacobi, 1977; Hampton et al., 1996; McAdoo et al., 2000; Krastel et al., 2001; Locat and Mienert, 2003; Mienert and Weaver, 2003; Canals et al., 2004) . Masswasting processes affect a significant proportion of the continental margins globally and are efficient in redistributing large amounts of sediments (Prior and Coleman, 1978; Moore et al., 1989; Hampton et al., 1996; Locat and Lee, 2002; Canals et al., 2004) . The largest landslides occur mainly in two settings: (1) on (typically gentle) glacially influenced open continental margins; and (2) on (typically steep) oceanic island flanks (Masson et al., 2006) . Often, continental margins show a long history of recurrent landsliding, for example the Norwegian margin , the Canary Islands (Masson et al., 2002) , and off Brunei on Northwest Borneo (Gee et al., 2007) . The post-failure stage characteristically involves transformation to a remolded and liquefied state of at least part of the landslide mass prior to masstransport deposition. Slabs that detach and subsequently disintegrate into debris avalanches or debris flows may generate turbidites and can attain extreme run-out distances (Heezen and Ewing, 1952; Mulder and Cochonat, 1996; Piper et al., 1999; Canals et al., 2004; Bryn et al., 2005a) . Need for integrated, multidisciplinary studies gained additional momentum, now that hydrocarbon exploitation is moving into deeper waters. Additionally, masstransport processes and their deposits may present a drilling hazard, impede field development, or, where infrastructure exists, further induce slope failure to occur . Submarine landslides can create devastating tsunamis, with severe consequences for coastal lowlands and their communities. This adds a socioeconomic aspect to the importance of understanding submarine mass-transport processes and mass-transport deposits (Hampton et al., 1996; McSaveney et al., 2000; Tappin et al., 2001; Ward, 2001; Bardet et al., 2003; Bondevik et al., 2005) .
The Norwegian-Barents-Svalbard continental margin ( Fig. 1 ) is sculpted by numerous submarine landslides, such as Storegga (Bugge et al., 1988; Haflidason et al., 2003; Haflidason et al., 2004; Bryn et al., 2005a; Kvalstad et al., 2005; Solheim et al., 2005b) , Traenadjupet Leynaud and Mienert, 2003) , Andøya , Nyk (Lindberg et al., 2004) , Bear Island (Laberg and Vorren, 1993; Kuvaas and Kristoffersen, 1996) , and Hinlopen-Yermak (Vanneste et al., 2006; Winkelmann et al., 2006; Winkelmann and Stein, 2007) . The Storegga landslide is probably the best-studied submarine slope failure, highlighting cause, initiation, and mobility from a geomorphologic point of view to sediment breakup, flow dynamics, and tsunami potential . Equally important, the long-term history of slope failures is addressed off mid-Norway. Sedimentation and slope failure appear closely related to climatic cycles on (formerly) glaciated margins . During peak glacial times, ice streams deliver large volumes of sediments to the upper continental slope, where they deposit extensive prograding fans, thereby rapidly loading slope sediments (Vorren and Laberg, 1997; Vorren et al,. 1998 ). During interglacials, sedi- , the approximate position of the ice margin during Weichselian glaciations (dashed white line), and major ice-stream pathways draining the continental ice sheets during peak glacial times (blue arrows). The white box marks the area shown in Part B. B) Bathymetric map of the northern Svalbard continental margin, bordering the Yermak Plateau and opening toward the deep Nansen Basin in the Arctic Ocean from the International Bathymetric Chart of the Arctic Ocean (IBCAO) (Jakobsson et al., 2000) . The Hinlopen-Yermak slide scar (HY, bold black line) lies off the mouth of the Hinlopen cross-shelf Trough (HT). The yellow arrow marks the evacuation direction of the mass-transport deposits mobilized in the Hinlopen-Yermak landslide. The inflow of temperate water masses (dark red arrows), the North Svalbard Branch (NSB), and the Yermak Branch (YB), both derived from the West Spitsbergen Current (WSC), enter the study area along the upper continental slope. The blue arrows represent ice-stream pathways. Dashed black lines represent fault systems on Svalbard and its shelves. Two faults intersect the eastern part of the slide scar. White box marks the area shown in Fig. 2 . mentation rates are subdued, and sediments consist mainly of fine-grained hemipelagic deposits that commonly are reworked by contour currents (Eiken and Hinz, 1993; Damuth and Olsen, 2001; Bryn et al., 2005b) . These (glacio-)marine clays are commonly geotechnically weaker and sensitive; overloading of these sediments by low-permeability, glacigenic sediments may result in strain softening and development of excess pore pressure, which significantly reduces slope stability (Laberg et al., 2003; Haflidason et al., 2004; Bryn et al., 2005a; Gauer et al., 2005; Kvalstad et al., 2005) . This correlation between submarine slope failures and glacial processes is in fact not particular to the Norwegian-Barents-Svalbard continental margins but also analogous to, for example, the Canadian east coast (Piper and McCall, 2003; Mosher et al., 2004) and likely to other glacially influenced continental margin settings. Pinpointing pre-conditioning factors and actual triggering mechanisms of paleo-landslides is complex, but these most likely involves excess pore pressure and/or weaker layers within specific stratified sequences (Canals et al., 2004) . Ultimate triggers for slope failure on (formerly) glaciated margins may amongst other factors be seismicity, which relates to crustal deformation due to ice loading and unloading cycles (glacio-isostasy). Studies of submarine landslides also revealed surprisingly high mobility of mass-transport deposits. Rafted blocks with volumes up to 10 6 m 3 and debris flows have regularly been observed at tens to hundreds of kilometers downslope of their source area (Bugge et al., 1988; Canals et al., 2004; De Blasio et al., 2004; Ilstad et al., 2004; Lastras et al., 2005; De Blasio et al., 2006) , which reflects degree of disintegration of a failed mass as well as dynamics of mass transport on gently dipping slopes. Hydroplaning or lubrication could facilitate these processes (Harbitz et al., 2003; De Blasio et al., 2006) . This paper documents an integrated, multi-disciplinary study of the geomorphologic characteristics, mobility, and implications of mass-transport deposits remobilized from the northern Svalbard margin in a massive submarine landslide, named the HinlopenYermak landslide. The Hinlopen-Yermak landslide's escarpment heights (hundreds of meters to more than 1400 m) and the occurrence of large blocks (up to 2 km 3 ), rising hundreds of meters above the seabed, present challenges to understanding release, mobility, and dynamics of mass-transport deposits. Dimensions of landslides in combination with the results of landslide dynamic modeling (e.g., high velocity and wide frontal area of the landslide) introduce nonlinearity and frequency dispersion. Nonlinearity causes wave steepening, breaking, or bore formation and is more important in shallower water due to amplification, whereas frequency dispersion is more pronounced in deep waters and over longer distances. These effects need to be incorporated into tsunami simulations to be able to investigate the impact of the landslide-induced sea-surface elevation in the Arctic and northern North Atlantic Oceans. Study of recent masstransport deposits, their geomorphology, and consequences may furthermore help in interpreting deposits of paleo-slides recognized on geophysical data sets.
GEOLOGICAL SETTING
The northern Svalbard margin (Fig. 1) is bordered by the Yermak Plateau and the Nansen Basin, and is part of the passive continental margin of the Eurasia Basin, which opened approximately 60-55 Ma (calendar years). Evolution of this margin coincided with separation of the Lomonosov Ridge from the Svalbard-Barents margin and subsequent spreading along the ultra-slow Gakkel Ridge (Jokat, 2005) . The presence of fault zones subparallel to the coast (Fig. 1) provides evidence of this rifting process (Eiken, 1994) . However, it is ice-sheet dynamics during Plio-Pleistocene glaciations that shaped the architecture of the northern Svalbard margin to a large extent, affecting both sediment deposition and erosion (Vorren, 2003; Ottesen et al., 2005 ). An increase in ice-rafted debris recovered in deep boreholes indicates that glaciers advanced to open seas around Svalbard as early as approximately 2.5 Ma, as a response to northern hemisphere cooling. Extensive glaciations have occurred frequently since approximately 1.6 Ma (Butt et al., 2000) . Weichselian (Late Pleistocene) ice sheets reached the shelf breaks around Svalbard (Lambeck, 1996; Svendsen et al., 2004) , with fast-flowing ice streams actively discharging the greatest part of ice and sediment through cross-shelf troughs (Bennett, 2003) . This was the case for the Hinlopen Trough (Ottesen et al., 2005) . Sediment transport through Hinlopen Strait and Trough endured during interglacial times (Koç et al., 2002) . Total sediment thickness on the northern Svalbard margin ranges from several hundreds of meters to approximately nine kilometers. Upper Plio-Quaternary cover consists mainly of stacked glacigenic debris lobes and (glacio-) marine deposits partly reworked by contour currents (Geissler and Jokat, 2004) . The partly sea-ice-covered northern Svalbard margin receives temperate-water inflow of the North Svalbard and Yermak Branches (Fig. 1) . The source of this inflow is the West Spitsbergen Current, which flows along the upper slope (100-200 to 600-800 m) and supplies the main portion of Atlantic Water to the Arctic Ocean (Myhre and Thiede, 1995; Slubowska et al., 2005) .
Swath bathymetry data recently revealed details of a large submarine landslide on the northern Svalbard margin ( Fig. 1 ) (Vanneste et al., 2006 ), a landslide first described in 1999 (Cherkis et al., 1999) . The Hinlopen-Yermak slide scar at the mouth of the Hinlopen Trough (Fig. 1) is an example of margin collapse in a glacier-fed siliciclastic environment (Vanneste et al., 2006; Winkelmann et al., 2006; Winkelmann and Stein, 2007) . Despite relatively small drainage and slide-scar areas, the HinlopenYermak landslide is exceptional in volume (see below), headwall height (exceeding 1400 m), and dimensions of rafted blocks (up to 1.89 km 3 ), compared to other landslides in similar environments. The total area affected by the landslide may well be over 10,000 km 2 , with run-out distance exceeding 300 kilometers (Winkelmann et al., 2006) . The Hinlopen-Yermak landslide is the first mapped mega-landslide in the Arctic Ocean (Vanneste et al., 2006) . Based on the amphitheater-shaped slide-scar area with a composite set of linear escarpments and roughly planar slip surfaces, the Hinlopen-Yermak landslide is a translational, multi-phase slope failure that developed retrogressively (Vanneste et al., 2006) . Whether the Hinlopen-Yermak landslide was one single event with different phases, occurring in near succession (like the Storegga landslide), or in several episodes well spread over time is not clear, although the former is believed to be more realistic. Seismic data provide an indirect dating of the landslide up to the Last Glacial Maximum, by the presence of semi-transparent, stacked lobes on the headwall, interpreted as glacigenic debrisflow deposits, originating from ice-stream activity during the Last Glacial Maximum (Vanneste et al., 2006) . Sedimentological analysis and AMS radiocarbon dating on planktonic foraminifera suggest an age of approximately 30 ka, and strengthens the geophysical interpretation. At 30 ka, sea level fell and glacier ice volume increased, which presumably led to increased glacio-tectonic activity (Winkelmann et al., 2006; Winkelmann and Stein, 2007) .
DATA AND METHODS

Multi-Beam Swath-Bathymetry Data
With a Simrad-Kongsberg EM300 system, approximately 4795 km 2 of seabed was mapped, mainly covering the Hinlopen-Yermak slide scar area between 80.60°-81.65° N and 13.0-17.5° E (Fig. 2) editing using Neptune software. Final gridding using a nearneighbor algorithm, imaging, and analysis utilized generic mapping tools (GMT) (Wessel and Smith, 1998) , with bin size determined by the beam density and areal coverage, and search radius set for improving signal/noise ratio. Analysis of beam density as a function of mean water depth (Fig. 3) Figure 4 . For better visualization, data from the rafted block were resampled (5 m by 5 m) (Fig. 2, inset) . In order to reconstruct pre-slide bathymetry, an optimal Delauney triangulation and gridding method in Cartesian units (UTM Zone 33, generic mapping tools) was used (Wessel and Smith, 1998) , after removing swath-bathymetry data that fall within the slide scar. This procedure uses only data points that are not affected by the landslide, and assumes convergence of both data sets (boundary condition) where the slide scar terminates. Difference between pre-slide and present-day bathymetry represents an estimate of volume as well as shape of the mass excavated from the slide-scar area (Fig. 5 ). Prior to subtracting these two grids, reconstructed pre-landslide bathymetry is smoothed using a Gaussian filter. Note that the bathymetry data covers only the slide-scar area, and no other data are available for such a reconstruction.
Seismic Reflection Profiles
During the same geophysical survey, surface-towed singlechannel seismic reflection profiles were recorded, mainly in the area of the Hinlopen-Yermak slide scar (Fig. 6 ). The acoustic source consisted a double-sleeve gun (0.65 l or 40 in 3 each), with frequency content between 30 and 450 Hz. Shots were timetriggered (10 s), which corresponds to variable shot spacing between 20 and 24 m. The data shown in this study are processed with amplitude scaling (automatic gain control) and bandpass frequency filtering.
Modeling I: Landslide Dynamics and Mobility
A numerical simulation of landslide dynamics and mobility was performed, based on evidence from slide-scar geomorphology as well as the location of the landslide and the extent and thickness of mass-transport deposits (Fig. 7) . The simulation uses reconstructed pre-slide bathymetry to define the top of the debris, whereas the slip plane is subparallel to present-day bathymetry and is currently draped with mass-transport deposits (confirmed observations from geophysical data, Fig. 6 ). In the model, debris pushes against a solid block initially at rest on a slip plane. This block is initially completely buried by debris. The debris behaves as a deformable viscoplastic Bingham fluid, and its dynamics follows the BING model (Imran et al., 2001) . In other words, the landslide moves as a plug flow riding on top of a shear layer with a thickness determined by flow height and yield stress of the material. The model assumes that landslide material disintegrated and liquefied instantly upon failure. Impact and shear forces acting on loose debris are calculated, following a previously suggested model for the BIG'95 debris flow on the Ebro margin, northwestern Mediterranean Sea (Lastras et al., 2005) . Total force on the block F total is then written as with F G the gravity force; F C the Coulomb friction of the block with shear surface; F I the impact force exerted by disintegrated mobile material on the rafted block; F EP the static earth pressure force due to lateral pressure of mobile material in contact with the block; F D the viscous drag of sea water; and F S the shear force of debris flow on the block. The block itself is simplified with its long axis oriented parallel to flow. The model takes into account Archimedean buoyancy and acceleration of water at rest (addedmass effect). The shape of debris is estimated from reconstructed bathymetry (see below). The model yields both frontal velocities and accelerations (averaged over a representative foremost part of the debris flow) as a function of time and position, which can then be used as input for tsunami simulations (see below). Note, however, that velocity estimates are hampered by uncertainties, because contemporary properties of the sliding masses are unknown. For further details on the modeling approach, refer to Lastras et al. (2005) . Parameters used are: yield stress = 20 kPa; viscosity = 30 Pa; internal friction angle of the block = 1°; block density = 1.9 kg/m 3 ; density of the slurry = 1.8 kg/m 3 . Ultimately, a sensitivity analysis of several parameters was performed.
Modeling II: Tsunami Simulations
Numerical tsunami simulations were conducted to evaluate the extent to which a tsunami generated by the Hinlopen-Yermak landslide might have impacted coastal areas surrounding the Arctic Ocean. Velocity results from landslide dynamic modeling (see above) are input parameters fed into tsunami simulations. The depth matrix for tsunami simulations uses the International Bathymetric Chart of the Arctic Ocean (IBCAO) data (Jakobsson et al., 2000) , resampled in a 2 km x 2 km grid in polar stereographic projection with true scale at 75° N. At the time of slope failure, (Fig. 2) , and then the sediment spread out farther downslope. The mass-transport deposit consists of pronounced arcuate pressure ridges and large rafted blocks. Several bathymetric profiles show characteristics of the debris lobes (Profiles A through C). As a reference, Profile D runs outside the main mass-transport deposit wheredespite some irregularities in the order of only a few meters-the seabed is more or less gently dipping. Relief of the masstransport deposit is hummocky, with ridges rising between 10 and 60 m high, and wavelengths less than 1 km (Profile E). Profile F runs across some large rafted blocks, including the block shown in the inset of Fig. 2 . All profiles are displayed with same scales and vertical exaggeration (100x).
approximately 30 ka (Winkelmann et al., 2006) , eustatic sea level was approximately 81 m lower than today (Fleming et al., 1998) , which left large parts of the Siberian shelves exposed as well as the northwestern corner of the Barents Sea margin. Accordingly, the bathymetry grid was reduced by 81 m to comply with contemporary eustatic sea level. For a computational domain spanning the Arctic Ocean, the stereographic mapping factor ranges from 0.98 to 1.05 and was ignored in the calculations. The potential influence of sea ice in the Arctic Ocean is not taken into account in the tsunami simulations. Indeed, a rigid ice lid above the landslide area would most probably affect both landslide dynamics and tsunami generation mechanisms. There are, however, no published data on either the effect of sea ice on tsunamis or variations in thickness of Arctic sea ice during the Pleistocene. Occurrence of planktonic foraminifera (e.g., N. pachyderma) in sediment cores from the Arctic Ocean, spanning both glacial and interglacial periods (Hebbeln et al., 1998) , implies that the Arctic Ocean was far from a permanently sea-icecovered area even at peak glaciations. The Arctic Ocean was instead characterized by at least seasonally open-water conditions. This suggests that ocean ice cover was not very thick (maybe not much thicker than today) and that parts of the Arctic Ocean may well have been ice-free at time of failure. If so, sea ice was either already broken into pieces by wind, waves, and currents or intact, but thin (newly frozen) as seen today. In order to affect the typical long gravity waves-e.g., tsunamis-a substantially thick and continuous ice cover is paramount. Break-up and wave energy dissipation associated with long waves (i.e., small sea-surface curvatures) is very small. Moreover, continental ice shelves or glaciers did not extend farther than the shelf break on the Norwegian-Barents-Svalbard margin (Ottesen et al., 2005) , and they reached the shelf break only during peak glaciations (Nygård et al., 2007) , thus not at the time of failure. These considerations and facts indicate that there was most likely not a rigid ice lid above the landslide area when the landslide occurred. Finally, a no-ice-cover assumption provides the most conservative estimates of sea-surface elevations from engineering and geohazard perspectives. It is nevertheless important to stress that further advanced research and numerical modeling is needed on this topic.
In tsunami models, the landslide is simplified as a flexible box with a prescribed velocity progression. This box is smoothed to avoid numerical noise due to sharp edges. Landslide volume is constrained by field observations and bathymetric reconstruction at 1.32 x width (28) -Single-channel seismic profiles across mass-transport deposits downslope from the constriction (see Fig. 2 for location of the profiles). A) Profile 04JM056S approaches the eastern sidewall of the Hinlopen-Yermak landslide, and crosses both medium to large rafted blocks. The thick, semitransparent unit in the landslide area is interpreted as the main Hinlopen-Yermak masstransport deposit (labeled MTD). This unit overlies a weak reflection. A secondary mass-transport deposit with hummocky relief occurs towards the east-northeast of this profile. B) Profile 04JM057S crosses several terraces of the western escarpment. A similar semi-transparent unit characterizes the uppermost sedimentary succession within the landslide area. On the terraces, stacked glacigenic debris flow deposits occur, with acoustic character different from that of the mass-transport deposits.
to compensate to some extent for the irregular shape of the landslide with maximum thickness of up to 1400 m in the headwall area. In the model, landslide propagation follows a straight line. In light of the overall uncertainty (landslide parameters, etc.), these models give reasonable results for tsunami propagation. The initial phase of landslide progression determines wave characteristics . Coriolis effects are neglected, because it is known from other studies that they are of minor importance during computational real time of this study (6 hours). For further details on landslide representation, see Harbitz (1992) and Løvholt et al. (2005) . Most tsunami simulations are accomplished in two horizontal dimensions (2HD) for sea-surface elevation and depth-averaged horizontal wave current speed, by solving linear, non-dispersive, shallow-water equations for conservation of mass and momentum (Mei, 1989) . In these equations, it is assumed that the characteristic sea-surface elevation of waves (i.e., deviation from equilibrium water level) is much less than typical water depth. In addition, the characteristic wavelength is much longer than the typical water depth. For further details on numerical 2HD tsunami modeling, see Harbitz and Pedersen (1992) .
To assess nonlinearity and dispersion, simulations based on the weakly dispersive, weakly nonlinear Boussinesq equations (Peregrine, 1972) are performed in one horizontal dimension (1HD) along specific profiles. The 1HD model is nested with the 2HD model, by using data recorded as time series in 2HD simulations as boundary conditions for 1HD simulations along specific profiles. These profiles are aligned roughly parallel to the direction of wave propagation. The 1HD model facilitates development of undular bores, but breaking waves and hydraulic jumps are not included. The 1HD equations of motion are solved numerically on a staggered grid, with resolution depending on water depth, which allows finer resolution close to shorelines. Grid refinement tests were performed to ensure convergence for each run. 2HD effects, including reflections from surrounding islands, refractions, focusing, and interference, are neglected in 1HD simulations. 1HD simulations may overestimate sea-surface elevations, inasmuch as radial spreading of waves is not taken into account. The 1HD model can also be run with a landslide (corresponding to landslide configuration in the 1HD model), instead of nested with the 2HD model. The shoreline in both tsunami models is represented by a vertical and impermeable wall (i.e., no-flux boundary condition), providing a doubling of sea-surface elevation upon reflection. Bathymetry for the 1HD simulations is interpolated from the 2HD matrix.
RESULTS AND DISCUSSION
Hinlopen-Yermak Landslide Mass-Transport Deposits
On the swath bathymetry data set, there is little evidence of mass-transport deposits adjacent to the main escarpments. Significant parts of the slide-scar area appear virtually free of landslide deposits (Fig. 2) , which suggests a highly efficient evacuation mechanism for the Hinlopen-Yermak landslide. Various types of mass-transport deposits occur north of approximately 80.8° N, and are distinct in the intermediate part of the landslide area, beyond a pronounced constriction (Fig. 2) . Two types of mass-transport deposits are identified downslope of this constriction. The first type consists of randomly distributed seafloor fabric and small blocks (approximately 25 m wide). These masstransport deposits lack flow structures and occur close to the sidewalls. This suggests that they probably originated from rock avalanching or sidewall collapse, and are therefore secondary in nature. The second type represents the upper part of the main mass-transport deposits. These deposits contain mainly sediment lobes with material released from the headwall area, and they traveled through the constriction. From the illuminated swath bathymetry image (Fig. 2) , it appears as though part of these sediment lobes can be traced back to an area close to a major Figure  1 . The cobalt line represents the slide scar, the downslope base of the mass-transport deposit, and the assumed flow path; the carmine line is the top of the debris flow; the olive-shaded green area represents the intact rafted block. The rafted block is entirely buried by the landslide debris during much of the landslide event. Bottom panel shows present-day bathymetry along the path used in the calculation for comparison, and illustrates a nice match for both topography and position of large rafted blocks.
escarpment. The terrain is hummocky, with high relief (Fig. 4) . Several profiles across the mass-transport deposits (Profiles A through C in Fig. 4 ) reveal their positive relief and lobate form. The thickness of the lobate part of the mass-transport deposits is highly variable. From the curvature of its surface, the lobate part thickens and widens downslope. The minimum thickness increases from approximately 20 m to over 80 m (Profiles A through C and E in Fig. 4) , whereas its width increases from a few kilometers upslope of the constriction (Fig. 2) to more than 20 km in the most distal part (Profile C in Fig. 4) . The geomorphology of the lobe is dominated by transverse (i.e., normal to the landslide direction) undulations, which form arcuate ridges up to several kilometers long. These features suggest sediment flow (Fig. 4) . Heights range from 10 to 60 m, and wavelength between ridge crests is typically less than 1 km (Profile E in Fig. 4 ). Relief across ridges is very different, compared to a profile outside the debris lobe, where irregularities are only meter-scale in height (Profile D in Fig. 4 ). These transverse undulations may represent pressure ridges, formed by compressional deformation associated with continued sediment flow piling up (Prior et al., 1982; Posamentier and Kolla, 2003) . In addition to debris lobes, sediment blocks lie scattered across the seabed (Fig. 2) . Bathymetric data image at least twelve large blocks and numerous smaller ones. These blocks are randomly oriented, and have variable sizes and shapes, but all have steep walls (> 30°). Medium-sized blocks have semicircular footprints, whereas larger blocks have elongated to triangular or polygonal footprints. Some occur as irregular features, while others resemble tabular blocks (Fig. 2) . Larger blocks are surrounded by debris, which may have originated either from erosion of blocks or by compressional deformation upon transportation and deposition. Blocks rise high above the seabed, typically more than 100 m. The largest of these blocks (Fig. 2 inset) climbs 452 m above the surrounding debris and stands on an elongated footprint of 8.7 km 2 (maximum dimensions of 5.4 km by 2.1 km). It has an estimated volume of at least 1.89 km 3 . These dimensions and shape suggest that blocks consist of consolidated or lithified sediment. If not, they would probably have been eroded, or internally deformed and remolded upon transportation. Attempts to sample sediments from these blocks resulted only in the corer bouncing off without retrieving any sample (Winkelmann et al., 2006) . This result indirectly confirms that these blocks are likely at least partially lithified sediments. Blocks may erode the seabed during downslope transport, thereby creating glide or debris tracks along their path (Ilstad et al., 2004; De Blasio et al., 2006) . Clear evidence is absent from this data set (Fig. 4) , further suggesting that these features may be buried by mass-transport deposits. Identifying glide tracks would most likely require 3D seismic data (Prior et al., 1982; Posamentier and Kolla, 2003) .
An important question to address is whether these blocks are allochthonous, remobilized by the Hinlopen-Yermak landslide, or in-place topographic highs (e.g., seamounts). The intact-block explanation is preferred, for the following reasons. Grouped blocks lie at the outer rim of debris lobes, which suggests that these features are related. Rafted blocks are often observed in translational landslides (Mulder and Cochonat, 1996; Canals et al., 2004) and often go together with debris flows (Ilstad et al., 2004) . As such, they are expected to occur in the HinlopenYermak landslide. The nearby Mosby Seamount (Geissler and Jokat, 2004; Winkelmann et al., 2006) is significantly larger than the blocks observed here. No significant volcanic activity is reported from this part of the margin, which makes grouped seamounts unlikely. As such, the large blocks appear to be rafted as part of the Hinlopen-Yermak landslide.
Considering the dimensions of these rafted blocks and the presumed lithified nature of their constituent sediments, they probably originate from deeper parts of the excavated slabs. Several escarpments of the Hinlopen-Yermak landslide are more than 600 m high (maximum headscarp height of the HinlopenYermak landslide exceeds 1400 m). Therefore, the landslide cuts through consolidated sediments. Recent 3D seismic investigations from the southwestern Barents Sea revealed buried megablocks related to fast-flowing ice-stream activity (Andreassen et al., 2004) . These glacigenic mega-blocks (areal extent > 1 km 2 ) and smaller blocks (areal extent < 1 km 2 ) have areal extent similar to that of blocks identified in the Hinlopen-Yermak landslide area, but with lower relief. A similar genesis of the landslide blocks in the Hinlopen Strait could be considered, given its glacial history and location with respect to the Hinlopen cross-shelf trough.
Only a few seismic reflection profiles cross the mass-transport deposits downslope of the constriction (Fig. 6 ). Debris lobes with hummocky seabed relief as described above form the uppermost part of a relatively thick (roughly 200 ms two-way travel time) semitransparent sedimentary unit. This unit extends across the entire width of the depression carved out by the landslide, and is not present in adjacent parts of the margin (Fig.  6 ). Rafted blocks have their roots in this semi-transparent unit (Fig. 6A) . Lack of internal character, which could indicate that the material is to a large degree remolded and/or fluidized, discriminates this unit from stacked glacigenic debris-flow deposits on the terraced western landslide flank (Fig. 6B ). This semitransparent unit appears bounded by a weak, slightly undulating reflection. These observations suggest that this unit is the main mass-transport deposit from the Hinlopen-Yermak landslide in this area. The occurrence of this massive masstransport deposit furthermore suggests that the main phase of sliding was one large event. Nevertheless, mass-transport deposits stacked on top of the semitransparent unit (Fig. 6A ) and imaged by swath bathymetry (Fig. 4) indicate that subsequent smaller failure phases took place as well. Additional highquality seismic reflection data across the main mass-transport deposits are necessary to elucidate the internal character-if any-of the mass-transport deposits as well as the underlying sedimentary environment. Figure 5 presents the reconstructed bathymetry before the landslide took place (A) as well as the shape and volume of excavated volume (B). The slide-scar area is approximately 2375 km 2 . From this area, an estimated 1220 km 3 of sedimentary volume was evacuated. Therefore, average thickness of these remobilized sediments is approximately 510 m. The bulk of this volume was removed from the central headwall area in front of the Hinlopen Trough, adjacent to major escarpments (compare Fig. 1 with Fig. 5) . From the limited seismic data available, masstransport deposits occur within the area used for reconstruction, thus total volume is probably larger (Fig. 6 ). In addition, reconstructed bathymetric contours bend southwards inside the western corner of the slide scar, which is a consequence of the interpolation method, and will underestimate the total volume. Considering these two factors, total estimated volume could well be approximately 10% larger. Therefore, the upper limit on the volume excavated by the Hinlopen-Yermak landslide is approximately 1350 km 3 .
Pre-Landslide Bathymetry Reconstruction and Mobilized Sediment Volume
Volume estimates, using distal mass-transport deposits that accumulated beyond the area covered by the swath bathymetry, give a similar volume of 1100 to 1250 km 3 for the inner landslide area (Winkelmann et al., 2006) , which is the same order of magnitude. Total run-out of these distal deposits exceeds 300 km, while the mass-transport deposits attain a mean thickness of approximately 200 m (Winkelmann et al., 2006) . Discrepancies in volume estimates are partly the result of the following issues:
(1) The bathymetric coverage of the landslide-affected area is incomplete.
(2) A detailed, high-quality grid of seismic reflection profiles that could be used to map these mass-transport deposits-both its lateral and vertical distribution throughout the slide-scar area and the distal depositional area-in more detail is not available. At the same time, accurate subsurface velocity profiles to convert two-way travel time to depth within the mass-transport deposits also are needed.
(3) As with all models and interpolations, there are inaccuracies inherent in the method used (triangulation), as mentioned above.
(4) It is not uncommon that sediments are incorporated into the flow during sliding processes and transformation, whereas mass-transport deposits that accumulated within the slide scar are not taken into account in the total volume estimate by this approach here.
(5) Finally, glacigenic post-landslide sediment infill derived from the Hinlopen Strait as evidenced from the swath bathymetry and seismic data (Vanneste et al., 2006) reduces the volume estimate by pre-landslide bathymetry reconstruction. It was impossible to correct accurately for this volume. The thickness of the post-slide sediment infill varies laterally, and exceeds 150 m onto and immediately adjacent to the headwall. The sediment wedge pinches out at some 12 km farther downslope. This sediment infill corresponds, however, to only a minor correction in volume.
Landslide Dynamics and Mobility
From analysis of the geomorphology of landslide material discussed above, it appears that large landslide blocks originated from the deeper layers of the headwall area. Hence, they are denser and much stiffer than loose debris material, which constitutes the bulk of remobilized and possibly partially remolded or fluidized landslide volume. It is also known that: (1) rafted blocks are scattered on the seabed at more than 60 km from the headwall area and rise hundreds of meters above surrounding mass-transport deposits (Fig. 2) ; (2) total run-out distance of debris flows reached several hundreds of kilometers, with typical thicknesses of approximately 200 m (Winkelmann et al., 2006) ; (3) the main phase of landsliding was probably one large event, with multiple phases, which happened retrogressively in near succession; and (4) a smallerscale, secondary landslide occurred. A concern in landslide dynamic modeling is to clarify how these large blocks were transported over such large distances (Fig. 2) , and how they relate to the mass-transport deposit. Hydroplaning, which explains well the mobility of rafted blocks and debris flows in some cases (Mohrig et al., 1998; Elverhøi et al., 2002; Harbitz et al., 2003) , cannot be invoked for rafted blocks of the HinlopenYermak landslide; their unusual height requires a velocity of at least 95 m/s for hydroplaning to take place. Therefore, a landslide generation and transport mechanism is envisioned whereby failure of the headwall results in a loose debris flow, while rafted blocks remained intact. This loose material sets the block in motion and is responsible for transporting blocks to their present-day location.
To test the validity of this scenario, a numerical simulation was performed, in which the debris pushes against the solid block initially at rest. Figure 7 shows the shape of disintegrating landslide material, as well as the position of the rafted block at discrete times after slope failure. Simulation started from reconstructed bathymetry, with a rafted block completely covered by the debris flow resting on the slip surface. Between 25 s and 378 s, the rafted block traveled about 10 km, whereas the front of the debris flow moved over a longer distance. After 1000 s, the debris flow traveled nearly 40 km, and fanned out. Also, the block moved roughly 30 km from its initial position and the crest of the block became uncovered. Resisting forces exceed driving forces after approximately 4000 s, and movement comes to a halt. At this time, the frontal part of the debris flow is located at 190 km from the headwall, and the block is roughly 50 km from its original position. This model is in reasonable agreement with field observations (Figs. 2, 7 ). According to this modeling scenario, the block is at present partly buried by the debris flow, which fits interpretation of the seismic reflection profiles (Fig.  6) . It is worth noting that the rafted block has not surpassed the debris lobe. Therefore, it is not an outrunner block in the strict sense of the term.
The velocity profile at the front of a debris flow is shown in Fig.  8A as a function of position and in Fig. 8B as a function of time since failure. In the initial phase, the front of the debris lobe is found at roughly 55 km from the headwall (Fig. 5) . Initial increase in acceleration results in a frontal velocity peak of 54 m/s (averaged over a representative foremost part of the debris flow), due to the extreme height (approximately 1400 m) of the headwall off the Hinlopen cross-shelf trough (Fig. 2) . Accounting for the finite time necessary for disintegration of the landslide material could lower the initial acceleration. A second peak with maximum velocity of about 64 m/s occurs after 1200 s (Fig. 8B) . At this time, the front of the debris flow traveled more than 50 km and reached a run-out distance of more than 100 km, where the increase in seabed dip adds to the velocity (Figs. 7, 8A ). These results are qualitatively robust and mostly independent on the parameter set used. The calculated velocities are of the same order of magnitude as velocities in the Storegga area (peak frontal velocities exceeding 60 m/s) , and the Big'95 debris flow in the Mediterranean Sea (peak frontal velocities around 45 m/s) (Lastras et al., 2005) .
In the simulation, the rafted block moves in phase with the debris flow, although with lower velocities (Fig. 8B) . Its maximum velocity is about 44 m/s, which is double the velocity of rafted blocks in the Big'95 area (Lastras et al., 2005) . After approximately 1000 s, the rafted block towers above the debris, yet it moves at approximately 30 m/s, or roughly half the velocity of the debris front. By then, the rafted block decelerates. The rafted block reaches its final position after about 2400 s. Rafted blocks presumably lose momentum because of change in dip direction off northern Svalbard, bending from roughly a south-north orientation to a southwest-northeast orientation (Fig. 1) . For a rafted block to reach its final position as observed on bathymetric data (Figs. 3, 7) , the initial distance of the block from the headwall cannot be less than the one assigned in this model (Fig. 7) . The reason is that the debris flow-at least in the Bingham model adopted here-can be roughly envisaged as stretching of an elastic spring kept fixed at one end. Displacement of a point at the front of the spring is twice the displacement of the midpoint, and much more than the displacement near the fixed end. Because a rafted block is initially embedded in landslide debris and set in motion by the debris flow, it cannot move farther than the debris flow itself. This result, which is independent of properties of the rafted block and of the debris flow, suggests a minimum initial distance of about 25 to 30 km from main headwall for the landslide block. This condition implies that provenance of rafted blocks does not coincide with the main headwall, but probably originated farther downslope.
Many parameters enter the simulations. The most important ones are densities of the debris flow and block, yield stress, viscosity, friction coefficient at the block-terrain surface, and drag coefficient. In addition, geometrical uncertainties such as the initial position of the block and the initial shape of the excavated volume may affect simulation results significantly. Unfortunately, all of these parameters are poorly constrained. Limited knowledge of these parameters necessitates a sensitivity study, performed by running simulations with different numerical values of parameters varying within a certain plausible range. Consistency of these results can then be checked in retrospect, based especially on final block position, elevation of the block above the surrounding debris, and thickness of the debris lobe in the distal part. Table 1 presents results obtained from sensitivity analysis, on varying some of the parameters involved. The first simulation corresponds to results presented in Fig. 8 . Comparing simulations 1 and 2, for example, indicates the importance of the internal friction angle for run-out of the rafted block. A decrease of yield stress, on the other hand, has little influence on block run-out (compare simulations 1, 3, and 5). Interestingly, block run-out increases with decreasing yield stress. This is because the debris flow then travels slower, and keeps on pushing the block for a longer time, albeit with less thrust because of reduced velocity. Another simulation illustrates that viscosity has no effect on results (compare simulations 1 and 6).
Dependence of the peak velocities on the rheological parameters of the debris flow was also investigated. A change in the yield stress by a factor of ten (from 5 kPa to 50 kPa) results in a velocity drop by 12% for the first velocity peak and 21% for the second peak. Viscosity needed to be changed by at least two orders of magnitude to give a velocity decrease of 1%. Although significant, sensitivity of velocity on the yield stress is not dramatic, which provides confidence in the simulated results.
Although results are necessarily dependent on the parameter set chosen, patterns emerging from simulations may reasonably represent the true succession of events, and are a valuable tool in estimating tsunami properties. Additionally, landslide dynamic modeling with the rafted block pushed by the debris adequately explains the final position of the large rafted block, the long run-out distance, and the lack of glide tracks within the debris lobe. 
Tsunami Simulations of the Hinlopen-Yermak Landslide
Geomorphologic analyses and landslide dynamic modeling provide important evidence to investigate the tsunami potential of the Hinlopen-Yermak landslide. Released volume, velocity, and initial acceleration of the landslide mass are key parameters, but also thickness of the sediment slab as well as time lag between different phases affect wave structure and, ultimately, sea-surface elevation. Based on landslide simulations using the BING model, three scenarios for landslide velocity profiles are investigated (Fig. 8B) . Landslide scenario A mimics rapid initial acceleration of the BING model, a maximum velocity of 54 m/s, and a run-out distance of 200 km. The second, slower passing phase of large acceleration of the landslide after about 600 s is modeled by landslide scenarios B and C. In these scenarios, the maximum landslide velocity is 64 m/s and run-out distances are 175 km and 200 km, respectively.
Fig . 9A through 9F shows six snapshots of the wave pattern and propagation from 2HD simulations for landslide scenario A. Landslide motion (approximately to the north) leads to a strong buildup in front of the landslide where water is displaced, whereas at the rear part a huge depression is formed. This creates a polarity reversal between waves traveling through the Arctic Ocean (wave crest first) and those traveling south, entering the Fram Strait (wave trough first) (Fig. 9) . The northeastern coast of Greenland is first hit by the tsunami crest between one and oneand-a-half hours after the landslide (Fig. 9B, C) . After six hours, the pattern in the Arctic Ocean is chaotic (Fig. 9F) . At the northern Svalbard coastline, the tsunami reaches shore in less than half an hour first by a depression, followed by large waves formed at the frontal part of the landslide (Fig. 9A-C) . The tsunami sweeps the northern Svalbard coast for at least several hours, during which time sea-surface elevation is significant (several meters). It takes about one-and-a-half hours for the tsunami to travel through the Fram Strait and enter the northern North Atlantic Ocean (Fig. 9C,  D) , whereas the northern Norwegian coast is hit after about three hours by a modest depression (Fig. 9E) . The fairly shallow Barents Sea (contemporary water depths less than 250 m) is virtually unaffected by the landslide-generated tsunami during the first few hours (Fig. 9A-F later stages (Fig. 9F) . Reflection of the tsunami north and west of Svalbard back into the Arctic and northern North Atlantic Oceans explains relatively limited sea-surface elevations in the Barents Sea, of which the northwestern corner was contemporary dry land (Figs. 9, 10 ). Fig. 10A shows maximum sea-surface elevation during the first six hours after slope failure. In the immediate vicinity of the landslide evacuation area, landslide scenario A gives sea-surface elevations exceeding 130 m. Landslide scenarios B and C return maximum sea-surface elevations in the same area of approximately 100 and 75 m, respectively. Radial spreading causes seasurface elevation to decrease farther away, until the tsunami is amplified towards the coast because of seabed shoaling effects (see Fig. 10B for comparison with bathymetry). As anticipated, the largest impact from a landslide-induced tsunami encroaches coastal areas of northeastern Greenland and northern Svalbard. It should be kept in mind that equilibrium eustatic sea level in the simulations is 81 m lower (30 ka) than today's sea level.
The speed at which the tsunami travels across the oceans (Fig.  10C ) depends on water depth (Fig. 10B) , and is given by with g as gravity acceleration and H(x, y) as water depth. In the deep Arctic Ocean, the tsunami travels with a speed mainly between 140 m/s and 220 m/s, whereas in the shallower Barents shelf sea propagation speed is typically less than 55 m/s (Fig. 10C) . For the deepwater passage from the central Fram Strait, wave velocities are approximately 160 m/s. However, when a tsunami enters shallow waters, the wave slows down, becomes shorter, and increases in height. For linear (hydrostatic) waves, the relation between sea-surface elevation (A) and water depth (H) is which explains higher sea-surface elevations along the northeastern coast of Greenland and along the northern part of Svalbard, compared to waves traveling northwards into the Arctic Ocean and southwards through the Fram Strait. Higher sea-surface elevation along the northern part of Svalbard is also an effect of reduced radial spread due to shorter distance to the landslide area.
The development of the landslide (Fig. 7) illustrates that large, rafted blocks move as intact sediment blocks within the debris slurry, and that it takes about 1000 s (approximately 17 minutes) before the block rises above the debris. This implies that large rafted blocks do not contribute to the tsunami in the initial phase of landsliding. After 1000 s, when the block starts playing a role in tsunami generation, it still moves at approximately 30 m/s but has started to decelerate. Because initial acceleration is critical for tsunami generation, results of the landslide dynamic modeling indicate that rafted blocks-despite their remarkable height and volume-do not contribute significantly to landslide-induced tsunami generation.
This dataset presents unique possibilities to investigate waveforms generated by submarine landslides. The 2HD model (Figs. 9, 10) is a linear, hydrostatic wave model, thus it neglects both dispersion and nonlinearity. In order to investigate coastal impact in more detail, 1HD simulations with the Boussinesq model were performed along profiles towards Greenland and Svalbard, with data from 2HD simulations used as boundary conditions at the end points of profiles (Fig. 11 inset) . Spatial, non-uniform resolution of simulations range from 3 to 189 m (Greenland profile) and 8 to 55 m (Svalbard profile). A conclusion from the 1HD simulations is that the scenarios chosen are not strongly 
affected by dispersion. However, when the tsunami enters shallower water, nonlinearity may contribute substantially to tsunami propagation (top panel in Fig. 11 ).
For simulation with the Boussinesq model, the leading wave evolves into a so-called undular bore, and fissions into (a train of) solitary waves if the tsunami travels over longer distances of shallow water. Not only are these features due to weak nonlinear effects, but they are possible only in combination with weak dispersion and when a very steep front developed while the amplitude is still less then 0.3 times depth (Peregrine, 1966) . Generally, they grow to about double the height of the original bore. Additionally, solitary waves start to break if ratio of seasurface elevation to depth exceeds a threshold value of 0.72 (Kataoka and Tsutahara, 2004) .
Sea-surface elevation-to-depth ratios higher than approximately 0.5 fall outside the limitations of the Boussinesq model. Modeling of the three landslide scenarios also results in substantially different sea-surface elevations, and hence the nonlinear effects on the tsunami differ (middle panel of Fig. 11 ). Seasurface elevation-to-depth ratio for the Greenland profile (Fig.  11) is about 0.55 (the leading peak of scenario A obtained with the Boussinesq model) and is probably too high for this model. For such high ratios, the model may to some extent be inaccurate; nevertheless, simulations indicate that undular bores form with sea-level elevations exceeding 120 m. In order to describe these high and steep tsunamis more precisely, fully nonlinear models with shock capturing must be invoked. For the Svalbard profile, sea-surface elevation-to-depth ratio for leading peaks in scenario A is approximately 0.47, thus it falls within the limitations of the Boussinesq model. It should be noted that the leading peak ratio is strongly dependent on the preceding seasurface depression, causing reduced water depths. However, such refined investigations of the complex run-up phenomenon lie outside the scope of this paper.
Introducing the landslide in the 1HD wave model provided the possibility of crosschecking whether or not nonlinearity and dispersion have an effect on initial sea-surface elevation of the tsunami (Fig. 12) . Dispersion alters wave pattern slightly, since Figure 8B . Bottom panels-IBCAO bathymetry along the profiles used in the modeling. Gray shade in the bottom panels mark the area displayed in the top two panels. Water depths in the gray-shaded areas vary between 153 and 263 m (Greenland profile) and 7 to 304 m (Svalbard profile), respectively. Inset shows locations of profiles towards Greenland and Svalbard, with the green curve marking the outline of the HinlopenYermak slide scar.
smaller waves are introduced on wave crests and troughs. Landslide parameters in this test are similar to those used in the 2HD model, except for landslide height. The 1HD model lacks damping due to radial spreading. This effect is simulated by reducing the height of the landslide.
CONCLUSIONS
Integration of slide-scar geomorphology and characteristics of its mass-transport deposits from detailed swath bathymetry and limited seismic reflection profiles along with landslide dynamic modeling and tsunami simulations has improved understanding of landslide processes. This study addresses processes involved in generating the mega-scale Hinlopen-Yermak landslide as well as its implications to produce a tsunami.
• The Hinlopen-Yermak Landslide has evacuated an estimated 1350 km 3 from the northern Svalbard continental margin into the Arctic Ocean. Little mass-transport deposits accumulated in vicinity of a major escarpment. Beyond a distinct constriction, mass-transport deposits consist of extensive, remolded debris lobes with numerous large, scattered rafted blocks. The surface of debris lobes is hummocky, with arcuate pressure ridges. The major escarpment and the largest rafted blocks are orders of magnitude larger than in other submarine landslides on siliciclastic continental margins. The maximum runout of landslide deposits is not well constrained but is at least several hundreds of kilometers.
• Geomorphology combined with numerical simulation of landslide dynamics (following the BING model) suggests a landslide development in which rafted blocks are intact and move within a rapidly disintegrating debris slurry. Debris flows and rafted blocks move with peak velocities of 64 m/ s and 44 m/s, respectively. The main failure phase from headwall collapse over disintegration, transport, and re- IG. 12.-A) 1HD simulation illustrating the effect of nonlinearity and dispersion in the tsunami generation phase, compared to a profile extracted from the 2HD simulation at identical times, occurring 17 minutes after the landslide initiation. B) Bathymetry along the profile, with the dotted line representing the landslide moving northwards indicated by the arrow. The landslide thickness is reduced by a factor of 0.25 (about 150 m) m to mimic the radial spread, which is not included in the 1HD model. This reduction is determined by comparing the wave heights of the 1HD and 2HD simulations. Inset shows the location of a northsouth-trending profile located north of Svalbard. The green curve marks the Hinlopen-Yermak slide scar.
deposition took just over one hour. Overconsolidated rafted blocks originated from deeper layers in the slide scar area at approximately 30 km from the headwall. Their mobility was probably not caused by hydroplaning, due to the unusual height of the rafted blocks, which would require extreme velocities.
• Due to a large volume and especially wide frontal area of the Hinlopen-Yermak landslide combined with a high maximum velocity, sea-surface elevation of the simulated landslide-generated tsunami is extremely high. Maximum values exceed 130 m in vicinity of the headwall in the most extreme scenario. At approximately 20 km outside the northern Svalbard coast, maximum sea-surface elevation tops 40 m (i.e., about 40 m below present-day sea level, considering glacio-eustatic correction applied). This suggests that on-land tsunami deposits originating from the Hinlopen-Yermak landslide are unlikely to be discovered. Landslide development, in which the blocks are covered by debris during the first 1000 s, implies that rafted blocks did not contribute significantly to the generation of a tsunami, despite their height, volume, and velocity.
• Refined simulations with a nonlinear and dispersive model (1HD Boussinesq) along specific profiles towards both Greenland and Svalbard prove that waves are highly nonlinear near the shore. There, shoaling water depths amplify these waves, causing the front of the tsunami to evolve into an undular bore. These high sea-surface elevations lead to extreme run-up also at larger distances from the landslide area. No attempt to describe the run-up of these huge waves was conducted. Due to steepness, the leading bore probably breaks far off the coastlines. However, since waves in the shoaling part are from one kilometer to tens of kilometers long, reduction in run-up height due to frontal breaking is probably small.
